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Figure 5: Thermal induced by strong surface heating.

decreasing with height. Cases where the temperature is increasing with height are
called inversions and are very stable situations. Note that under stable conditions,
the quantity (exercise!)
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θ′2

θ
2

(70)

is conserved. As will be shown in the Atmospheric Dynamics lecture course next
term, the second term is a perturbation form of the available potential energy. Note
that the oscillation that we just derived for the stable case is the basic particle
motion in an internal gravity wave. Such waves can be triggered by orography and
can be identified by typical shapes of cloud formation (see Fig. 6). Other situation
where gravity waves can be triggered are if tropospheric convection hits the stably
stratified tropopause.

Discuss that a well vertically mixed dry atmosphere will be approximately in a
state of constant entropy or potential temperature, having a nearly dry adiabatic
lapse rate. Often the case in Trieste.

Excercises

1. Show that from Eq. 54 follows Eq. 55.

2. Use the potential temperature definition 49 and Taylor series expansion to
show that Eq. 63 is valid to a first order.
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As discussed in the beginning of this section, in Eq. 57 we have assumed that the
movement of the parcel is so fast that we can assume an adiabatic-reversible process.
We decompose now all quantities into the ambient fluid (mean) quantities and local
perturbations from this (ρ = ρ+ ρ′, p = p+ p′ , θ = θ+ θ′). For the vertical velocity
we have simply w = w′. This decomposition is also performed in order to linearize
(discuss!) the full system of equations with respect to small perturbations. For the
pressure gradient and acceleration due to gravity we get

−
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ρ

∂p

∂z
− g = −

1

ρ+ ρ′
∂p+ p′

∂z
− g . (58)

We need to develop 1/(ρ + ρ′) into a Taylor series (only first order terms are con-
sidered here)
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With this expression 58 becomes (ignoring the 2nd order terms)
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where it has been assumed that the environment of the parcel is in hydrostatic
equilibrium. The vertical momentum equation the becomes

∂w

∂t
= −

ρ′

ρ
g −

1

ρ

∂p′

∂z
, (61)

where the hydrostatic equation has been inserted for environmental pressure gradient
and the acceleration term has been expanded and linearized for the case of purely
vertical motion (explain!). It follows that the acceleration of the parcel is given
by 2 terms. The first term on the rhs of Eq. 61 is the buoyancy acceleration. It
has the intuitive interpretation that if a parcel is lifted from its original position,
then the further acceleration will depend on if the parcel is heavier or lighter than its
enviromnent (less or more dense). The second term is called nonhydrostatic pressure

acceleration. Even though this term may be important under certain circumstances,
it turns out this term is typically smaller then the buoyance term, and it is therefore
neglected and the approximated vertical momentum equation is

∂w

∂t
= −

ρ′

ρ
g . (62)

A taylor series expansion of Eq. 49, after inserting the temperature dependence on
pressure and density, leads to (Exercise!)

θ′

θ
≈

cv
cp

p′

p
−
ρ′

ρ
≈ −

ρ′

ρ
, (63)

where the last approximation follows from the observation that relative pressure
perturbations are typically smaller than relative density perturbations. Therefore,
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Buoyancy forces:

Local thermodynamic equilibrium
The ’parcel’ size of such a mixture if gases (e.g. atmosphere) could
be in the order of mm for theoretical description and use of local
thermodynamics equilibrium, or in the order of 100 km for
numerical models of climate.

ρ,p, T 

ρenv,penv, Tenv

ρ’ =ρ-ρenv

Evaluate parcel properties with respect to its environment



Environment Criterion for instability of moist 
(saturated) air:

(Environment quantities indicates with a bar)

From this follows if the equation for temperature perturbations
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where on the rhs we have replaced all variables by their mean state values, which
is justified because of ψ >> ψ′ and our linearization. From this equation we can
calculate the stability limit for moist ascent. We know from section 3 that the
stability is given by the factor in front of the vertical velocity. For stability this factor
has to be positive. In order to the air to be stable, the temperature perturbation
tendency has to be negative in order to provide a negative buoyancy in 121 imagine
we list the parcel at an initial time w > 0 from an equilibrium situation T ′ = 0.
This means the term in the rhs in Eq. 128 has to be positive (the factor in front of
the vertical velocity in Eq. 128 determines stability; discuss). The stability limit is
defining the moist adiabatic lapse rate
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which leads to
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Γm is the moist adiabatic lapse rate. Such a lapse rate has typical values of 5.5 - 6
K/km (exercise!). We may insert the saturation specific humidity acconding to Eq.
99 in order to evaluate it. Note that Γm < Γd because the factor on the rhs for Γd

is smaller than one, as
Llvmvs

RT
<

L2
lvmvs

cpT
2
Rv

leads to

cp <
LlvR

RvT
=

Llvε

T
≈ 5000 Jkg−1K−1

which is the same condition we have derived for the saturation specific humidity to
decrease with time in a rising parcel 100. If Γ > Γm then according to Eq. 128 there
is instability with respect to moist ascent and moist convection occurs. (discuss!;
see Fig. 12)!

Note that the above considerations have been made to properly estimate sta-
bility properties of a parcel and are valid for small perturbations of a parcel from
its equilibrium position (with the environment). For large perturbations, we may
refer to the parcel Equation 126, which shows that the parcel follows its own moist
adiabate and one may refer to tephigrams (e.g. Fig. 11) in this case.
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<

Temperature has to decrease with height faster than the critical limit. 
Such a situation may be favored by high surface temperatures!

~ -0.6 k/100m

for dry air:
-1K/100m



~ -0.6 k/100m

for dry air:
-1K/100m



5.4 Stability of moist air

In reality, this subject is related to moist convection (involving e.g. cloud formation,
etc.) and will be treated much more deeply in the Atmospheric Physics course. In
this section we assess the stability of a saturated parcel that is lifted from its original
position. The approximate momentum equation is still Eq. 61. Here it is useful to
replace the density perturbations by temperature perturbations using a taylor series
expansion of the ideal gas law

T ′

T
= −

ρ′

ρ
, (120)

with which we get
∂w

∂t
=

T ′

T
g . (121)

The effects of moisture on the the gas constant have been ignored here, and will be
in the following. For the thermodynamic equation we have according to 110, if we
multiply with T

cp
dT
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TR

p

dp

dt
= −Llv

dmsv

dt
, (122)

where we have divided by the dt. We now calculate the temperature change following
the parcel that is lifted from its original position. If we assume, as in 100 hydrostatic
pressure, changes during the ascent, we get
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Now we can insert dmvs/dt following the parcel according to Eq. 100
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which leads to
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From this follows that the temperature change following the parcel is
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The temperature change can now be decomposed into and approximated to a first
order by

dT

dt
=
∂T ′

∂t
+ w

∂T

∂z
(127)

34

For small-scale air parcel scale motions (~ 1km): A parcel of rising air always cools

Note that as long as water vapor in parcel is not saturated we have
msv=0, and therefore the parcel cools as –wg/cp.

Further, it can be shown that due to the decreasing temperature 
as a parcel rises the relative humidity increases until condensation
occurs (Clausius-Clapeyron):

5 Ways to saturation

A useful measure that indicates if moist air is saturated is the relative humidity

RH =
pv
pvs

=
mv

mvs
, (97)

that is the ratio of partial vapor pressure to saturation vapor pressure or specific
humidity and saturation specific humidity. A way to saturate unsaturated air is to
cool the air diabatically (e.g. fog formation at night through radiative surface cool-
ing). The temperature defined by this cooling is defined as dewpoint temperature

Td. If pvs is the measured atmospheric vapor pressure, the dewpoint temperature is
defined by pv(T ) = psv(Td), because the cooling is assumed to take place at constant
vapor pressure and we insert the measured vapor pressure of the into Eq. 92 in order
to calculate the temperature at saturation Td. An alternative and very important
process to reach saturation is the adiabatic cooling through upward motion. How-
ever, in a rising parcel the vapor pressure it not constant (also decreasing; the mass
fraction is constant), so the the calculation of the lifting condensation level LCL
more complicated and may be derived from thermodynamics diagrams (an example
is the tephigram in Fig. 11; exlain how to calculate LCL through conservation of
mv = Mv/M ; why is mv conserved, is it?). Other important mechnisms to reach
saturation are mixing of air and cooling and moistenting by evaporation of water
(leading to Wet Bulb temperature). We can do a little calculation to show that the
air is always going to saturate due to the adiabatic cooling if it is lifted high enough.
For a rising parcel we have that its mass fraction mv is conserved. Therefore, the
relative humity change with time for an unsaturated rising parcel will be

dRH

dt
= −

mv

m2
vs

dmvs

dt
, (98)

whih tells us that in order for the relative humidity to increase in the rising parcel,
the saturation specific humidity has to decrease. We have the saturation specific
humidity

mvs =
psv
ρRvT

=
psvR

ρRTRv
= εpsv/p , (99)

where the definition ε = R/Rv that has been used in Eq. 75 has been used (always
approximating Rd = R). From Eq. 99 we can calculate
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, (100)
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Assuming adiabatic ascent;
no heat exchange with its
environment while rising



Note that there is a huge asymmetry between a rising and a sinking parcel:

A rising parcel loses all its water vapor (to rainwater that fall out) if rising 
high enough, whereas a sinking parcel will evaporate the little cloud water it 
may hold. 

Therefore, the net effect of these rising and sinking parcels induced by static 
instability will be an increase of atmospheric heating!

Reflection: The process of a rising parcel with condentational  heating and 
following sinking would be reversible (i.e. entropy conserving) if no rain is 
falling out! It’s the rain falling out that make is irreversible and entropy 
producing (just as luv-lee effect, see below)!



For large-scale motions (~ 100-1000km) this means: 

Q is thus the heat added by diabatic processes (i.e. condensation, radiation).
Using the total derivative in pressure coordinates and the definition of ω we have

(

∂T

∂t
+ u

∂T

∂x
+ v

∂T

∂y

)

p
− Spω =

Q

cp
, (47)

where the stability factor

Sp =
RT

cpp
−
∂T

∂p
= −

T

θ

∂θ

∂p
(48)

has been introduced. In Eq. (48) we have used the definition of the potential
temperature (Exercise!)

θ = T
(

p0
p

)
R
cp

. (49)

p0 is a constant reference pressure here. Using the dry adiabatic lapse rate Γd = g/cp,
we have also (excercise!)

Sp = (Γd − Γ)/(ρg) , (50)

where the definition of the lapse rate −dT/dz = Γ has been used.
The set of equations (36), (37), (44) and (47) is the basis for our analysis of

synoptic-scale motion, but also the basis for many numerical models of the atmo-
spheric circulation.

It is also useful to derive the approximate version of the potential vorticity 31 in
pressure coordinates, because it takes a more convenient form. We can write (e.g.
using ψ(x, y, p, t) = ψ(x, y, z, t) to evaluate a vertical derivative

∂θ

∂z
=
∂θ

∂p

∂p

∂z
= −ρg

∂θ

∂p
. (51)

With this 31 becomes

qp =
[

ηp
∂θ

∂p

]

, (52)

where the constant factor −g has been excluded from the definition (this does not
matter, why?). Note, that the absolute vorticity ηp = k · ∇p × v + f is the verti-
cal component of the absolute vorticity and has to be evaluated on pressure levels.
The physical interpretation of the approximate potential vorticity in pressure coor-
dinates, qp, is that a fluid element within an isentropic flow may be considered as
confined between two potential temperature values ∆θ. The thickness of the fluid
element, ∆p, however, may change. If this occurs, then the absolute vorticity has
to adjust in order to maintain potential vorticity conservation.
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ω = dp/dt (called the ’omega’ vertical velocity) is the pressure change following the
motion. Note that when w is positive ω is typically negative.

The Continuity Equation

The easiest way to derive the continuity equation is through the principle of mass
conservation. For an infinitesimal mass element we may write:

δm = ρδV = ρδxδyδz = −δxδy
1

g
δp . (41)

Note that the first part of equation (41) is just the definition of the density. In the
second part the hydrostatic equation (34) has been used to replace the vertical per-
turbation by a pressure perturbation. Let’s calculate the derivative of (41) following
the motion (conservation of mass)

1

δm

d

dt
δm =

g

δxδyδp

d

dt

δxδyδp

g
= 0. (42)

After appying the product rule of differentiation, and changing the order of differ-
entiation we obtain

1
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δ
d

dt
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1

δy
δ
d

dt
y +

1

δp
δ
d

dt
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δu

δx
+
δv

δy
+
δω

δp
= 0 . (43)

Letting δx, δy, δz → 0, it follows the continuity equation in pressure coordiantes:

(

∂u

∂x
+
∂v

∂y

)

p
+
∂ω

∂p
= 0 . (44)

In pressure coordinates the full continuity equation takes the form of that of an
incompressible fluid, i.e. the time derivative of density does not occur anymore
explicitely.

The Thermodynamic Energy Equation

Recall Eqs. 108 or 110 for the Enthalpy, and after multiplying with T from our
Earth System Thermodynamics course (for ds = 0), which was approximately valid
for the atmosphere in which phase transitions from water vapor to liquid water are
allowed (do you remember what the symbols Llv and mv stand for?):

cp
dT

dt
−

RT

p

dp

dt
= −Llv

dmv

dt
. (45)

If we further allow diabatic processes to occur (e.g. radiation), then we can simply
add Tds/dt on the rhs and abbreviate those terms as Q.

cp
dT

dt
− α

dp

dt
= Q . (46)
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First law of thermodynamics
Heat release by condensation 
of rising parcels
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Lapse-rate definition:

Q is thus the heat added by diabatic processes (i.e. condensation, radiation).
Using the total derivative in pressure coordinates and the definition of ω we have

(

∂T

∂t
+ u

∂T

∂x
+ v

∂T

∂y

)

p
− Spω =

Q

cp
, (47)

where the stability factor

Sp =
RT

cpp
−
∂T

∂p
= −

T

θ

∂θ

∂p
(48)

has been introduced. In Eq. (48) we have used the definition of the potential
temperature (Exercise!)

θ = T
(

p0
p

)
R
cp

. (49)

p0 is a constant reference pressure here. Using the dry adiabatic lapse rate Γd = g/cp,
we have also (excercise!)

Sp = (Γd − Γ)/(ρg) , (50)

where the definition of the lapse rate −dT/dz = Γ has been used.
The set of equations (36), (37), (44) and (47) is the basis for our analysis of

synoptic-scale motion, but also the basis for many numerical models of the atmo-
spheric circulation.

It is also useful to derive the approximate version of the potential vorticity 31 in
pressure coordinates, because it takes a more convenient form. We can write (e.g.
using ψ(x, y, p, t) = ψ(x, y, z, t) to evaluate a vertical derivative

∂θ

∂z
=
∂θ

∂p

∂p

∂z
= −ρg

∂θ

∂p
. (51)

With this 31 becomes

qp =
[

ηp
∂θ

∂p

]

, (52)

where the constant factor −g has been excluded from the definition (this does not
matter, why?). Note, that the absolute vorticity ηp = k · ∇p × v + f is the verti-
cal component of the absolute vorticity and has to be evaluated on pressure levels.
The physical interpretation of the approximate potential vorticity in pressure coor-
dinates, qp, is that a fluid element within an isentropic flow may be considered as
confined between two potential temperature values ∆θ. The thickness of the fluid
element, ∆p, however, may change. If this occurs, then the absolute vorticity has
to adjust in order to maintain potential vorticity conservation.

13

Stability parameter:

Always positive 
in large scales

Re-formulated in pressure 
coordinates

0

Note that the thermodynamic equation can also
be used to derive the powerful concept of 
moist static energy conservation



In tropical regions, horizontal gradients and local time changes are small 
compared to the other terms in the Thermodynamic Equation, therefore we 
have approximately:  

motion through Ekman effets on top of the boundary layer. This is called boundary
layer pumping or Ekman pumping. It may be used to explain vertical motions
and therefore rainfall anomalies induced by the Gill responses in tropical regions as
derived in Section 6.2. It states that whenever we calculate a flow response that
has (geostrophic) vorticity, this will lead to vertical motion and therefore a rainfall
response. Given that geostrophy is valid from approximately 10 degrees away from
the equator, this rule can be used for many flow responses. Remember that we have
shown in chapter 5 that even the zonal winds in the close equatorial Kelvin waves
are in exact geostrophic equilibrium. We can estimate the typical magnitude of the
vertical velocity 213 by inserting ξg = 10−5s−1, De = 1km or γ = 3 × 10−3 m−1

to be w(De) ≈ 10−5/(2 × 3 × 10−3) m s−1 or 2 × 10−3 m s−1. This a substantial
vertical velocity, comparable to the one induced by a heating anymaly of about Q/cp
1 k/day in the tropical regions, if we use equation 47 and Sp ≈ 5× 10−4 K Pa−1 to
estimate the vertical velocity:

−Spω ≈ Spρgw ≈
Q

cp

or

w ≈
Q

cp

1

Spρg
.

Also in the Ocean Ekman Layers exist (have you discussed them?). Clearly at the
bottom of the ocean very similar processes take place as discussed here. Even at the
top of the oceans we have an Ekman Layer (have you discussed this?). However,
the main change is the boundary condition at the surface, which is given by the
atmospheric winds that drive the ocean, in the interior the boundary condition
can be assumed to be geostrophic again. Otherwise we can use the above derived
methodology also to derive the ocean surface Ekman Layer.

Exercises

1. Verify that the Ekman solution 210 and 211 is indeed a solution of the original
system of equations 199 and 200.

2. Calculate the scalar product between the pressure gradient and the wind within
the Ekman layer given by Eqs. 210 and 211. Is the wind directed into or out
of a low pressure system?

3. Write a fortran code that uses the Eqs. 210 and 211 and plot the solution as
as phase space diagram (u,v) as in Fig 26. Also, solve the original equations
199 and 200 numerically by keeping the local time derivative in the Ekman
equations:

∂u

∂t
= Km

∂2u

∂z2
+ f(v − vg) (214)

∂v

∂t
= Km

∂2v

∂z2
− f(u− ug) . (215)
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This means whenever there is convective heat release, we can expect 
that this heating is compensated by large-scale rising motion!

Q is thus the heat added by diabatic processes (i.e. condensation, radiation).
Using the total derivative in pressure coordinates and the definition of ω we have

(

∂T

∂t
+ u

∂T

∂x
+ v

∂T

∂y

)

p
− Spω =

Q

cp
, (47)

where the stability factor

Sp =
RT

cpp
−
∂T

∂p
= −

T

θ

∂θ

∂p
(48)

has been introduced. In Eq. (48) we have used the definition of the potential
temperature (Exercise!)

θ = T
(

p0
p

)
R
cp

. (49)

p0 is a constant reference pressure here. Using the dry adiabatic lapse rate Γd = g/cp,
we have also (excercise!)

Sp = (Γd − Γ)/(ρg) , (50)

where the definition of the lapse rate −dT/dz = Γ has been used.
The set of equations (36), (37), (44) and (47) is the basis for our analysis of

synoptic-scale motion, but also the basis for many numerical models of the atmo-
spheric circulation.

It is also useful to derive the approximate version of the potential vorticity 31 in
pressure coordinates, because it takes a more convenient form. We can write (e.g.
using ψ(x, y, p, t) = ψ(x, y, z, t) to evaluate a vertical derivative

∂θ

∂z
=
∂θ

∂p

∂p

∂z
= −ρg

∂θ

∂p
. (51)

With this 31 becomes

qp =
[

ηp
∂θ

∂p

]

, (52)

where the constant factor −g has been excluded from the definition (this does not
matter, why?). Note, that the absolute vorticity ηp = k · ∇p × v + f is the verti-
cal component of the absolute vorticity and has to be evaluated on pressure levels.
The physical interpretation of the approximate potential vorticity in pressure coor-
dinates, qp, is that a fluid element within an isentropic flow may be considered as
confined between two potential temperature values ∆θ. The thickness of the fluid
element, ∆p, however, may change. If this occurs, then the absolute vorticity has
to adjust in order to maintain potential vorticity conservation.
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Atmospheric response to Equatorial heating

Figure 23: Large-scale adjustments to diabatic convective heating.

water equations near the equator, if we also in all phase velocities replace g by g’.
We will see these kind of waves in the following example.

In the following we present and discuss the ocean adjustment to a constant
atmospheric wind-stess forcing of the ocean derived from a model similar, but slightly
more complicated than Eq. 186 - 188. The addition is basically an equation for the
surface temperature that is not present in Eq. 186 - 188. In a strict sense, the surface
temperature would never be influenced by the thermocline depth as long as this is
positive. However, in the real world, there is a still a gradient present in the upper-
layer, meaning that if the thermocline is nearer to the surface, the temperature is
lower there, just as seen in Fig. 14. Furthermore, if temperature is allowed to vary
horizontally then there will also be horizontal advection of temperature.

6.5 Ocean response to a zonal wind stress anomaly

Fig. 28 shows the wind-stress forcing applied with maximum at equator at 180 E,
and a Gaussian shape of with 10 degress in east-west and 5 degrees in north-south
direction. The forcing is of magnitude 0.015 N/m2, which is a typical response of the
atmosphere to a typical ENSO anomaly. This forcing is mimicing the atmospheric
Gill-response on the equator to the ENSO-induced heating (SST) anomaly. We are
considering the time evolution of the thermocline response to the constant forcing.
Fig. 29a shows the response after the first month of forcing, and we see interestingly
that the response resembles the Gill response that we discussed for the atmosphere
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Example: Atmospheric teleconnection between ENSO and ISMR

•

FF

In principle:

warmer SST     
more instability     
more rainfall      
more heating 
in atmosphere   
more upward 
motion to 
compensate 
heating

explain this:
what comes up 
must come down.... 
more sinking motion,
less moisture, 
suppressed rainfall

Slide from Fabio Di Sante

Equatorial Rossby and 
Kelvin waves transport 
this signal



Thanks to Fred Kucharski for the Figure

Regression maps (OBS) of Niño3.4 (JJAS) onto 200 hPa velocity potential

giovedì 30 luglio 2026 N

Note, however, that there are also other more complicated adjustment 
processes. 

Slide from Fabio Di Sante



Many mechanisms (perhaps order of several hundred publications)
have been proposed for the ENSO-monsoon relationship:

I. Dynamic:

a) Walker circulation  adjustment sets up a local hadley cell adjustment in 
Indian Ocean [e.g. Goswami (1998) and Krishnamurthy and Goswami (2000)]

b)  Gill-type rossby wave response to sinking motion in maritime continent could induce
sinking motion over India [e.g. Wang et al. (2003)] 

II. Thermodynamic:

a) A warm ENSO event warms the equatorial regions, including Indian Ocean (through 
fast equatorial wave propagation; equatorial Rossby and Kelvin waves). This 
reduces the tropospheric temperature gradient between relatively cool Indian Ocean 
and warmer South Asian [e.g. Goswami and Xavier (2005)]
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streamfunction in Fig. 3d. Both low level velocity potential 
and eddy streamfunction have reversed signs compared to 
the upper level and that is consistent with the baroclinic 
response (not shown).

As expected, the heat-induced rising motion in the heat-
ing region, that is governed by the continuity equation and 
the thermodynamic energy equation, results in a correspond-
ing region of rainfall maximum as seen in Fig. 3e, and that is 
consistent with the vertical velocity shown in Fig.  3f. Apart 
from the heat-induced precipitation over the heating region, 
and the dynamically-induced precipitation over the Rossby 
gyres, sinking motion dominates everywhere else result-
ing in precipitation suppression. This is detected in Fig.  3c 
by the upper level convergence in the 200 hPa velocity 

potential. Figure 3d shows the upper level eddy streamfunc-
tion quadruple that indicates anticyclonic motion on the 
western flank of the heating (rising) and cyclonic motion on 
the eastern flank (sinking).

3.2.2  Transient response

The time evolution of the atmospheric response due to the 
SST perturbation is a proxy to illustrate the effect of waves 
propagation speed. In this section, the model is run to obtain 
1-year long simulation using the same forcing described in 
Fig. 1, for 100 ensemble members. This is a slightly differ-
ent setup from the previous experiments, however we have 
verified (not shown) that the responses due to continuous 

Fig. 1  a Control run SST distribution, b eastern warm pool SST anomaly, c western warm pool SST anomaly. Corresponding sensitivity experi-
ments SST anomalies (d–f). Units are K

SST

AGCM aquaplanet
simulations; 2 K SST
perturbation added 
to symmetric mean 
state SSTs

Many AGCM simulations have confirmed the tropical Atlantic Indian monsoon 
teleconnection; here results from a very idealised setting: Aquaplanet

adiabatic cooling/warming) on the lhs and the heating term on the rhs of Eq. 47

−Spω ≈
Q

cp
. (216)

Figure 28: Aquaplanet annual mean SST distribition and Gill-type SST perturba-
tion. Units are K.

Also this leads to a good agreement between precipitation (e.g. vertical in-
tegrated heating) and the vertical velocity field. Note, however, that in the Gill
solution there is no precipitation, and the vertical velocity field is very different
from the one shown in Fig. 29 (there we have sinking motion everywhere outside
the heating region). These differences are a weakness of the simplified equations
used in the Gill solution (essentially modified shallow water equations) rather than
a weakness of the AGCM solution, which essentially solves the full Navier-Stokes
equations. Another important difference with respect to the traditional Gill solution
is that there an infinite zonal domain is assumed, whereas in reality it is periodic.
This leads to differences in the atmospheric adjustments to the heating. For exam-
ple, to the east of the heating, we do find off-equatorial anticyclonic Rossby gyres in
the surface pressure, which resemble the cyclonic ones to the west. We may interpret
these as response to the upper-level convergence (maximum in velocity potential)
at around 60W to 30W. However, we do note that in the regions with the imposed
SST anomaly (around 180E), we get increased rainfall (heating) due to the desta-
bilization of the atmosphere. The rainfall structure appears to be related to the
meridional zonal wind gradient (main component of vorticity), which is cyclonic in
the off-equatorial regions to the west, and anticyclonic in the off-equatorial regions
to the east of the heating (explain!), which should, according to the section 7, induce
rising and sinking motion respectively (e.g. from Eq. 213). However, since we are
using a numerical model to simulate the effects of Ekman pumping, it is best to use
the model’s boundary-layer parameterization, which is slightly different. Using the
definition

|v0| =
√

u2 + v2 + V 2
gust (217)

where u, v are near surface winds (representative for the mean wind in the whole
depth of the boundary-layer of the model), Vgust = 5ms−1 is representing the effect
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A zonally symmetric world 
made of water, no mountains!
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the presence of a warm pool triggers faster and more ener-
getic Kelvin waves. The contrast between an eastern and 
a western warm pool to SST perturbation “PERT” cannot 
yet be determined. In order to determine the difference, we 
examine the phase speed of the equatorial Kelvin waves on 
the eastern and the western hemispheres of a warm pool. 

To do so, we divide the warm pool meridionally into two 
identical halves in order to separate the effects of the zonal 
wind direction changes by the warm pool-induced upper 
level divergence. Hence, Fig.  S2a, b are obtained by using 
the 200 hPa zonal winds on one hemisphere of the warm 
pool (e.g. 90E to 90W to obtain Fig. S2a, and vice versa for 

Fig. 3  Classical Gill response due to SST perturbation: a mean sea-
level response (hPa). b Surface wind response  (ms−1). c 200 hPa 
velocity potential response ( 106  m2s−1). d 200 hPa eddy streamfunc-
tion response ( 106  m2s−1). e Precipitation response (mm/day). f 850 

hPa vertical velocity “omega” response ( 10−3 Pa  s−1). Contour lines 
indicate regions of 95% statistically significant anomalies (Positive: 
red. Negative: blue)

200 hPa Velocity Potential 200 hPa Eddy Streamfunction

Understanding the upper-level response (note response is baroclinic and changes sign in lower levels)

10 Tropical zonal and meridional circulations

More reading:

1. Rodwell MJ, Hoskins BJ (2001) Subtropical Anticyclones and Summer Mon-
soons. J Clim, 14, 31923211

2. Chao WC, Chen B (2001) The origin of Monsoons. J Atmos Sci, 58, 3497350

3. Kucharski, F, Bracco, A, Barimalala, R, Yoo, J-H (2011) Contribution of the
eastwest thermal heating contrast to the South Asian Monsoon and conse-
quences for its variability, Clim Dyn, 37, 721735, DOI 10.1007/s00382-010-
0858-3

Let’s have a look at the global June-to-September rainfall distribution in Fig. 36.
We can clearly identify the Intertropical Convergence Zone (ITCZ), identified by the
rainfall maximum north of the equator that can reach 30◦N in some land region. We
also see that this strip of large rainfall in not zonally homogeneous, but is stonger
in some locations than in others. Some of the features may be explained by the
distributions of sea surface temperatures (SSTs) in Fig. 37. Note that the rainfall
is the column integrated −Llv

dmv

dt and therfore related to the column integrated
diabatic heating due to condensation according to Eqs. 45 and 46.

The western Pacific rainfall maximum is related to high SSTs in that region, as we
have already discussed several times. Also, the land-sea contrast are likely important
due to different heat capacities. As we have already discussed regarding the ENSO
phenomenon, the distribution of SSTs, rainfall and atmospheric circulations in the
tropical Pacific provide positive feedbacks between them, so that its difficult to say
what is cause and what is effect (chicken-egg problem). The mean zonal circulation
in the tropical regions is called Walker circulation (see also Fig. 16). Note that
this circulation is not a strict closed circulation cell as we could derive for the zonal
mean circulation (Hadley Cell). A good measure of this zonal tropical circulation is
the upper-level velocity potential, χ, for which we have the relation to the divergent
wind

vχ = ∇χ (234)

The distribution of the 200 hpa velocity potential χ is shown in Fig. 38a (which
height is this, approximatively). According to the definition 234, a minimum means
divergent wind. The centre of upper-level divergence (rising motion, why?) is in the
western Pacific region, and the centers of upper-level convergence (sinking motion,
why?) are located in the eastern Pacific (that is the classical Walker circulation)
and in the tropical South Atlantic region.

Fig. 38 b) shows the streamfunction, ψ, which is related to the rotational flow
in the following way (see, e.g. Eq. 16)

vψ = k×∇ψ . (235)
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It is clear that there is a systematic relationship between upper-level velocity po-
tential and upper-level streamfunction, they are in ’quadrature’, that is the extreme
values of one lie in the gradient regions of the other. Can we propose an explanation
for this behaviour? The solution is an approximate version of the vorticity equation
67 for the tropics

dgξg
dt

= −f0

(

∂ua
∂x

+
∂va
∂y

)

− βvg . (236)

It turns out that in the tropical regions relative vorticity changes and advections
are relatively small, mainly because of approximate geostrophy and small pressure
gradients. We may estimate it to be one order of magnitude smaller than in the
extratropics. Therefore, the left hand side is Eq. 236 may be set to zero. This leaves
us with the approximation

βvψ = −f0

(

∂uχ
∂x

+
∂vχ
∂y

)

, (237)

where we have used that the geostrophic wind is the rotational wind defined in Eq.
235 (note that according to the quasigeostrophic vorticity definition 66, ψ = Φ/f
is the streamfunction as long as we are not too close to the equator), and the
ageostrophic wind is the divergent wind defined in Eq. 234. Eq. 237 is called Sver-
drup balance. If we take a divergence field as given (e.g. the field that corresponds
to Fig. 38a; we can imagine is has been caused by the dominance of the west Pacific
heating), then according to the Sverdrup balance, this will cause rotational winds.
An upper level divergence maximum will lead to southward rotational motion in
the northern hemisphere, an upper-level convergence maximum will lead to north-
ward rotational motion. This is consistent with the streamfunction distribution in
Fig. 38b, and explains why velocity potential and streamfunction are in quadrature
(exercise!). Note that the interpretation of the Asian monsoon high to be partially
forced by Sverdrup balance from the heating differences between the western Pacific
and the Atlantic Ocean is a relatively new one. The conventional point of view is
that the Asian monsoon high (Tibetan high) is forced exclusively by the land sea
contrast between the Asian land mass (including importance of Himalayas) and the
Indian Ocean. We also note that all the structures that we have considered for upper
levels should be reversed for low levels, thus a part of the low-level monsoon trough
can be attributed to the western Pacific/Atlantic heating differences. Keep in mind
that secondary vertical motions can be induced then by surface friction, because the
streamfunction centres that we can derive are fields with vorticity, which according
to equation 213 induces vertical motion (see section 8). Positive (negative) verti-
cal motion, in turn, leads to increased (decreased) rainfall (why?). These effects
have been analysed with idealized numerical experiments in the paper cited in the
beginning of the section (see also Figs. 39, 40, 41).
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Sverdrup balance in 
tropics (Rodwell & Hoskins)

approximate vorticity 
equation; again gradients
are small in tropics

In the thermodynamic energy equation (47) the horizontal advection can be
approximated by its geostrophic value. However, as mentioned above, the vertical
advection is not neglected, but forms part of the adiabatic heating and cooling term.
This term must be retained because the static stability is usualy large enough on
the synoptic scale that the adiabatic heating or cooling owing to vertical motion
is of the same order as the horizontal temperature advection despite the smallness
of the vertical velocity. It can be somewhat simplified, though, by dividing the
total temperature field Ttot, into a basic state (standard atmosphere) portion that
depends only on pressure, T0(p), plus a deviation from the basic state, T (x, y, p, t)

Ttot = T0(p) + T (x, y, p, t) . (64)

Since |dT0/dp| ! |∂T/∂p| only the basic state portion of the temperature field need
to be included in the static stability term and the quasi-geostrophic thermodynamic
energy equation may be expressed in the form

∂T

∂t
+ vg ·∇T −

(

σp

R

)

ω =
Q

cp
, (65)

where σ ≡ −RT0p−1d ln θ0/dp and θ0 is the potential temperature corresponding to
a basic state temperatue T0 (σ ≈ 2× 10−6 m2 Pa−2 s−2 in the midtroposhere).

Equations (62), (55), (37), (63) and (65) constitute the quasi-geostrophic equa-
tions. If Q is known these form a complete set in the dependent variables Φ, T,vg,va

and ω.

2.4 The Quasi-Geostrophic Vorticity Equation

Just as the horizontal momentum can be approximated to O(Ro) by its geostrophic
value, the vertical component of the vortivity can also be approximated geostrophi-
cally. Using Eq. (55) the geostrophic vorticity ξg = k ·∇× vg can be expressed in
terms of the Laplacian of the geopotential

ξg =
∂vg
∂x

−
∂ug
∂y

=
1

f0
∇2Φ . (66)

Equation (66) can be used to determine ξg(x, y) at any given time from a known
field Φ(x, y). Alternatively, (66) can be solved by inverting the Laplacian operator
to determine Φ from a known distribution of ξ provided that suitable conditions
on Φ are specified on the boundaries of the region in question. This invertibility

is one reason why vorticity is such a useful forecast diagnostic; if the evolution
of vorticity can be predicted, then inversion of Eq. (66) yields the evolution of
the geopotential field, from which it is possible to determine the geostrophic wind.
Since the Laplacian of a field tends to be a maximum where the function itself is a
minimum, positive vorticity implies low values of geopotential and vice versa (see
Fig. 6). We will use the inversibility to solve a problem numerically in section 3.

The quasi-geostrophic vorticity equation can be obtained from the x and y com-
ponents of the quasi-geostrophic momentum equation (62) and yields (exercise!)
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It is clear that there is a systematic relationship between upper-level velocity po-
tential and upper-level streamfunction, they are in ’quadrature’, that is the extreme
values of one lie in the gradient regions of the other. Can we propose an explanation
for this behaviour? The solution is an approximate version of the vorticity equation
67 for the tropics

dgξg
dt

= −f0

(

∂ua
∂x

+
∂va
∂y

)

− βvg . (236)

It turns out that in the tropical regions relative vorticity changes and advections
are relatively small, mainly because of approximate geostrophy and small pressure
gradients. We may estimate it to be one order of magnitude smaller than in the
extratropics. Therefore, the left hand side is Eq. 236 may be set to zero. This leaves
us with the approximation

βvψ = −f0

(

∂uχ
∂x

+
∂vχ
∂y

)

, (237)

where we have used that the geostrophic wind is the rotational wind defined in Eq.
235 (note that according to the quasigeostrophic vorticity definition 66, ψ = Φ/f
is the streamfunction as long as we are not too close to the equator), and the
ageostrophic wind is the divergent wind defined in Eq. 234. Eq. 237 is called Sver-
drup balance. If we take a divergence field as given (e.g. the field that corresponds
to Fig. 38a; we can imagine is has been caused by the dominance of the west Pacific
heating), then according to the Sverdrup balance, this will cause rotational winds.
An upper level divergence maximum will lead to southward rotational motion in
the northern hemisphere, an upper-level convergence maximum will lead to north-
ward rotational motion. This is consistent with the streamfunction distribution in
Fig. 38b, and explains why velocity potential and streamfunction are in quadrature
(exercise!). Note that the interpretation of the Asian monsoon high to be partially
forced by Sverdrup balance from the heating differences between the western Pacific
and the Atlantic Ocean is a relatively new one. The conventional point of view is
that the Asian monsoon high (Tibetan high) is forced exclusively by the land sea
contrast between the Asian land mass (including importance of Himalayas) and the
Indian Ocean. We also note that all the structures that we have considered for upper
levels should be reversed for low levels, thus a part of the low-level monsoon trough
can be attributed to the western Pacific/Atlantic heating differences. Keep in mind
that secondary vertical motions can be induced then by surface friction, because the
streamfunction centres that we can derive are fields with vorticity, which according
to equation 213 induces vertical motion (see section 8). Positive (negative) verti-
cal motion, in turn, leads to increased (decreased) rainfall (why?). These effects
have been analysed with idealized numerical experiments in the paper cited in the
beginning of the section (see also Figs. 39, 40, 41).
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The synoptic-scale vorticity equation 11 states that the rate of change of absolute
vorticity following the horizontal motion is approximately given by the generation
(destruction) of vorticity owing to horizontal convergence (divergence). Indeed, this
is considered to be the main mechanism of cyclone (and anticyclone) developments,
connecting cyclonic motion to low pressure and anticyclonic motion to high pressure
(only for large-scale motions!).

1.2 The Barotropic (Rossby) Potential Vorticity Equation

As barotropic model of the Atmosphere we assume that there is incompressibility
and the flow may be confined by the height of two given boundaries, h(x, y, z, t) =
Ht−Hb (see also lecture on equatorial waves). The incompressibility condition may
be expressed as

∂u

∂x
+
∂v

∂y
= −

∂w

∂z
. (13)

We also assume that the horizontal velocities are independent of height. With this
we can integrate the vorticity equation (11) vertically to obtain

h
dh(ξ + f)

dt
= (f + ξ)[w(Ht)− w(Hb)] . (14)

Note that in equation (14), the relative vorticity ξ may be replaced, to a first ap-
proximation, by the geostrophic relative vorticity

ξ ≈ ξg ≡ ∇2gh/f0 = ∇2Φ/f0 , (15)

where we have assumed that the meridional scale, L, is small compared to the radius
of the earth so that the geostrophic wind may be defined using a constant reference
latitude of the Coriolis parameter f ≈ f0 ≡ 2Ω sinφ0. Also, in the operator (12) the
horizontal velocities may be approximated by the geostrophic ones

v ≈ vg ≡ f−1
0 k×∇gh = f−1

0 k×∇Φ , (16)

Equations 15 and 16 can be derived from the geostrophic equations and integration
of the hydrostatic equation for an incompressible fluid (exercise!). Note that, for
beauty, we have re-introduced the small ξ effect on the rhs of Eq. (14). Since
w(Ht) = dHt/dt, w(Hb) = dHb/dt we have,

1

ξ + f

dh(ξ + f)

dt
=

1

h

dhh

dt
. (17)

Integrating left and right side leads to

dh
dt

[ln(ξ + f)] =
dh
dt

[lnh] , (18)

which implies that
dh
dt

(ξ + f)

h
= 0 , (19)

7

which is the potential vorticity conservation theorem for a barotropic fluid, first ob-
tained by C. G. Rossby. The quantity conserved following the horizontal motion is
the barotropic potential vorticity. It explains nicely some features of the observed
stationary waves, e.g. induced by the Rocky mountains. If the flow is purely hor-
izontal, i.e. rigid lid and lower boundary, then we obtain the barotropic vorticity

equation
dh(ξ + f)

dt
= 0 , (20)

which states that the absolute vorticity is conserved following the horizontal motion.
The flow in the mid-troposhere approximately fulfills this condition and equation
(20) my be used to explain the movement of air particles in Rossby waves!

Note that using the approximations (15) and (16) the barotropic vorticity equa-
tion (20) can be re-written in terms of the streamfunction ψ ≡ Φ/f0 = gh/f0 or
equivalently also in terms of geopotential Φ = gh (exercise!)

dh
dt

∇2ψ + β
∂ψ

∂x
= 0 . (21)

Also the operator dh/dt can be expressed in terms of streamfunction

dh
dt

=
∂

∂t
−
∂ψ

∂y

∂

∂x
+
∂ψ

∂x

∂

∂y
(22)

Equations (21) and (22) can be used conveniently to compute Rossby wave solutions
numerically (exercise in section 3!)

1.3 The exact potential vorticity conservation law; Ertel’s poten-
tial vorticity

The barotropic potential vorticity conservation law 19 for is a very instructive special
case (incompressible, barotropic fluid) of a much more general conservation law.
Ertel (1942, Meteorologische Zeitung, 59, 271-281) was the first to derive the law
in the most general form. In order to derive it, we start from a general form of the
equations of motion

ρ
dv

dt
= −∇p− 2ρΩ × v − ρ∇φ−∇ · F , (23)

where F is the frictional tensor, Ω is the (constant) rotation vector of the earth.
From Eq. 23 we may derive (exercise!) the full 3-dimentional vorticity equation,
which is a generalization of Eq. 4

dvorta
dt

= vorta ·∇v − vorta∇ · v +
∇ρ×∇p

ρ2
−∇×

∇ · F
ρ

, (24)

where vorta = 2Ω + ξ is the 3-dimensional absolute vorticity vector. Note, that
whereas Ω is constant, its components following the earth surface are not! Using

8

Note that responses
are baroclinic; i.e. 
change sign with height
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where we have used that the geostrophic wind is the rotational wind defined in Eq.
235 (note that according to the quasigeostrophic vorticity definition 66, ψ = Φ/f
is the streamfunction as long as we are not too close to the equator), and the
ageostrophic wind is the divergent wind defined in Eq. 234. Eq. 237 is called Sver-
drup balance. If we take a divergence field as given (e.g. the field that corresponds
to Fig. 38a; we can imagine is has been caused by the dominance of the west Pacific
heating), then according to the Sverdrup balance, this will cause rotational winds.
An upper level divergence maximum will lead to southward rotational motion in
the northern hemisphere, an upper-level convergence maximum will lead to north-
ward rotational motion. This is consistent with the streamfunction distribution in
Fig. 38b, and explains why velocity potential and streamfunction are in quadrature
(exercise!). Note that the interpretation of the Asian monsoon high to be partially
forced by Sverdrup balance from the heating differences between the western Pacific
and the Atlantic Ocean is a relatively new one. The conventional point of view is
that the Asian monsoon high (Tibetan high) is forced exclusively by the land sea
contrast between the Asian land mass (including importance of Himalayas) and the
Indian Ocean. We also note that all the structures that we have considered for upper
levels should be reversed for low levels, thus a part of the low-level monsoon trough
can be attributed to the western Pacific/Atlantic heating differences. Keep in mind
that secondary vertical motions can be induced then by surface friction, because the
streamfunction centres that we can derive are fields with vorticity, which according
to equation 213 induces vertical motion (see section 8). Positive (negative) verti-
cal motion, in turn, leads to increased (decreased) rainfall (why?). These effects
have been analysed with idealized numerical experiments in the paper cited in the
beginning of the section (see also Figs. 39, 40, 41).
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The low-level response

Figure 29: Response to Gill-type SST perturbation of a) mean sea level pressure
[hPa], b) surface zonal wind [m/s], c) 200 hPa velocity potential [106 m/s2], d) 200
hPa eddy streamfunction [106 m/s2], e) precipitation [mm/day] and d) omega at
850 hPa [10−3 Pa/s].

of sub-grid scale gusts, the equations equivalent to Eqs. 199 become for the AGCM:

−Cu
√

u2 + v2 + V 2
gust + f(v − vg) = 0 (218)

−Cv
√

u2 + v2 + V 2
gust − f(u− ug) = 0 (219)

where C = CD
h , CD = 1.8 × 10−3 is the drag coefficient over sea, h = 1000m is the

depth of the boundary layer, and the geostrophic wind is ug, vg. Also, the AGCM
is posed in the pressure coordinate system, and since we want to assess solutions
including the equator it is convenient to use the geostrophic forcing in terms of
geopotential height gradients using the geostrophic relation:

vg = f−1k×∇Φ (220)
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Surface zonal wind

In the thermodynamic energy equation (47) the horizontal advection can be
approximated by its geostrophic value. However, as mentioned above, the vertical
advection is not neglected, but forms part of the adiabatic heating and cooling term.
This term must be retained because the static stability is usualy large enough on
the synoptic scale that the adiabatic heating or cooling owing to vertical motion
is of the same order as the horizontal temperature advection despite the smallness
of the vertical velocity. It can be somewhat simplified, though, by dividing the
total temperature field Ttot, into a basic state (standard atmosphere) portion that
depends only on pressure, T0(p), plus a deviation from the basic state, T (x, y, p, t)

Ttot = T0(p) + T (x, y, p, t) . (64)

Since |dT0/dp| ! |∂T/∂p| only the basic state portion of the temperature field need
to be included in the static stability term and the quasi-geostrophic thermodynamic
energy equation may be expressed in the form

∂T

∂t
+ vg ·∇T −

(

σp

R

)

ω =
Q

cp
, (65)

where σ ≡ −RT0p−1d ln θ0/dp and θ0 is the potential temperature corresponding to
a basic state temperatue T0 (σ ≈ 2× 10−6 m2 Pa−2 s−2 in the midtroposhere).

Equations (62), (55), (37), (63) and (65) constitute the quasi-geostrophic equa-
tions. If Q is known these form a complete set in the dependent variables Φ, T,vg,va

and ω.

2.4 The Quasi-Geostrophic Vorticity Equation

Just as the horizontal momentum can be approximated to O(Ro) by its geostrophic
value, the vertical component of the vortivity can also be approximated geostrophi-
cally. Using Eq. (55) the geostrophic vorticity ξg = k ·∇× vg can be expressed in
terms of the Laplacian of the geopotential

ξg =
∂vg
∂x

−
∂ug
∂y

=
1

f0
∇2Φ . (66)

Equation (66) can be used to determine ξg(x, y) at any given time from a known
field Φ(x, y). Alternatively, (66) can be solved by inverting the Laplacian operator
to determine Φ from a known distribution of ξ provided that suitable conditions
on Φ are specified on the boundaries of the region in question. This invertibility

is one reason why vorticity is such a useful forecast diagnostic; if the evolution
of vorticity can be predicted, then inversion of Eq. (66) yields the evolution of
the geopotential field, from which it is possible to determine the geostrophic wind.
Since the Laplacian of a field tends to be a maximum where the function itself is a
minimum, positive vorticity implies low values of geopotential and vice versa (see
Fig. 6). We will use the inversibility to solve a problem numerically in section 3.

The quasi-geostrophic vorticity equation can be obtained from the x and y com-
ponents of the quasi-geostrophic momentum equation (62) and yields (exercise!)
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Figure 26: Idealized and observed Ekman Layer velocities Source:
http://oceanworld.tamu.edu/resources/ocng textbook/chapter09/chapter09 02.htm.

(cyclonic vorticity) leads to convergence! Accorging to the continuity equation 188,
this will lead to vertical motion, which is on top of the Ekman Layer

w(De) = −
∫ De

0

(

∂u

∂x
+
∂v

∂y

)

dz (213)

= ξg
e−γz

2γ
[sin(γz)− cos(γz)]

∣

∣

∣

∣

∣

De

0

=
ξg
2γ

(

1 + e−π
)

≈
ξg
2γ

= ξg

√

Km

2f
,

where we have assumed that the geostrophic wind is independent of height within the
Ekman Layer. This is again an important result, a positive vortivity leads to upward
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Figure 29: Response to Gill-type SST perturbation of a) mean sea level pressure
[hPa], b) surface zonal wind [m/s], c) 200 hPa velocity potential [106 m/s2], d) 200
hPa eddy streamfunction [106 m/s2], e) precipitation [mm/day] and d) omega at
850 hPa [10−3 Pa/s].

of sub-grid scale gusts, the equations equivalent to Eqs. 199 become for the AGCM:

−Cu
√

u2 + v2 + V 2
gust + f(v − vg) = 0 (218)

−Cv
√

u2 + v2 + V 2
gust − f(u− ug) = 0 (219)

where C = CD
h , CD = 1.8 × 10−3 is the drag coefficient over sea, h = 1000m is the

depth of the boundary layer, and the geostrophic wind is ug, vg. Also, the AGCM
is posed in the pressure coordinate system, and since we want to assess solutions
including the equator it is convenient to use the geostrophic forcing in terms of
geopotential height gradients using the geostrophic relation:

vg = f−1k×∇Φ (220)
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in pressure coordinates. Since Eqs. 218 and 219 are nonlinear, they are solved
numerically for the near surface winds, given the geopotential at 850 hPa (by re-
introducing the time derivative as in the exercise 3) of section 7). Note that in Eqs.
218 and 219 the near surface winds are non-zero. Once the solutions are found,
the divergence of the near surface wind is calculated and the continuity equation in
pressure coordinates, 44, is vertically integrated (assuming the near surface winds
are constant) to find the vertical velocity, ωek, induced by Ekman pumping in the
model (1000 m corresponds according to the hydrostatic equation approximately
to a pressure change of 100 hPa). The resulting Ekman vertical velocity is shown
in Fig. 30, and shows very good agreement with the vertical velocity field at 850
hPa shown in Fig. 29 outside the region where the SST perturbation is present.
This indicates that Ekman pumping is indeed a very powerful mechanism to induce
vertical motion outside the heating region. Also, the upper-level convergence field
is calculated for comparison (Fig. 31). There is also some correspondence of this
field with 850 hPa vertical velocity and thus rainfall, but it should be noted that
the upper-level convergence field and the ωek field are not independent (e.g. Ekman
pumping could induce vertical velocity, this induces convection and thus upper-level
divergence). The thermodynamic mechanism a) turns out to be relevant only in the
region with SST perturbation and seems to be largely irrelevant outside that region.

Figure 30: Ekman pumping induced ωek [10−3 Pa/s].
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Note that also:

Ekman pumping

Always holds! But sometimes     Q 
or rainfall is not the cause for the 
results of vertical motions!

Omega 

motion through Ekman effets on top of the boundary layer. This is called boundary
layer pumping or Ekman pumping. It may be used to explain vertical motions
and therefore rainfall anomalies induced by the Gill responses in tropical regions as
derived in Section 6.2. It states that whenever we calculate a flow response that
has (geostrophic) vorticity, this will lead to vertical motion and therefore a rainfall
response. Given that geostrophy is valid from approximately 10 degrees away from
the equator, this rule can be used for many flow responses. Remember that we have
shown in chapter 5 that even the zonal winds in the close equatorial Kelvin waves
are in exact geostrophic equilibrium. We can estimate the typical magnitude of the
vertical velocity 213 by inserting ξg = 10−5s−1, De = 1km or γ = 3 × 10−3 m−1

to be w(De) ≈ 10−5/(2 × 3 × 10−3) m s−1 or 2 × 10−3 m s−1. This a substantial
vertical velocity, comparable to the one induced by a heating anymaly of about Q/cp
1 k/day in the tropical regions, if we use equation 47 and Sp ≈ 5× 10−4 K Pa−1 to
estimate the vertical velocity:

−Spω ≈ Spρgw ≈
Q

cp

or

w ≈
Q

cp

1

Spρg
.

Also in the Ocean Ekman Layers exist (have you discussed them?). Clearly at the
bottom of the ocean very similar processes take place as discussed here. Even at the
top of the oceans we have an Ekman Layer (have you discussed this?). However,
the main change is the boundary condition at the surface, which is given by the
atmospheric winds that drive the ocean, in the interior the boundary condition
can be assumed to be geostrophic again. Otherwise we can use the above derived
methodology also to derive the ocean surface Ekman Layer.

Exercises

1. Verify that the Ekman solution 210 and 211 is indeed a solution of the original
system of equations 199 and 200.

2. Calculate the scalar product between the pressure gradient and the wind within
the Ekman layer given by Eqs. 210 and 211. Is the wind directed into or out
of a low pressure system?

3. Write a fortran code that uses the Eqs. 210 and 211 and plot the solution as
as phase space diagram (u,v) as in Fig 26. Also, solve the original equations
199 and 200 numerically by keeping the local time derivative in the Ekman
equations:

∂u

∂t
= Km

∂2u

∂z2
+ f(v − vg) (214)

∂v

∂t
= Km

∂2v

∂z2
− f(u− ug) . (215)
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Note:
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top of the oceans we have an Ekman Layer (have you discussed this?). However,
the main change is the boundary condition at the surface, which is given by the
atmospheric winds that drive the ocean, in the interior the boundary condition
can be assumed to be geostrophic again. Otherwise we can use the above derived
methodology also to derive the ocean surface Ekman Layer.

Exercises

1. Verify that the Ekman solution 210 and 211 is indeed a solution of the original
system of equations 199 and 200.

2. Calculate the scalar product between the pressure gradient and the wind within
the Ekman layer given by Eqs. 210 and 211. Is the wind directed into or out
of a low pressure system?

3. Write a fortran code that uses the Eqs. 210 and 211 and plot the solution as
as phase space diagram (u,v) as in Fig 26. Also, solve the original equations
199 and 200 numerically by keeping the local time derivative in the Ekman
equations:

∂u

∂t
= Km

∂2u

∂z2
+ f(v − vg) (214)

∂v

∂t
= Km

∂2v

∂z2
− f(u− ug) . (215)
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We will often use composite analysis (e.g. ENSO)  based on linear 
regression. These will be calculated as follows:

That is the covariance of a normalized index (e.g. Nino3.4 or ATL3) with 
a field of interest. This gives us an idea of how much of a typical 
(1 standard deviation) anomaly of the index is related to a field (e.g. 
rainfall); sometimes also a residual index is used from which the impact 
of another index has been linearly removed: 

the slope estimate for simple linear regression as the covariance between the normalized index and131

the field of interest:132
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T���� 2: Regions where indices are defined.

NAME COORDINATES
Nino3.4 Index 5�S – 5�N and 170� – 120�W
IODwest box 10�S – 10�N and 50� – 70�E
IODeast box 10�S – 0� and 90� – 110�E
IOD Index IODwest - IODeast

NAO box Azores 26� – 40�N and 310� – 360�E
NAO box Iceland 50� – 80�N and 310� – 350�E
NAO Index NAO box Azores - NAO box Iceland

WCIO 10�S – 10�N and 40� – 90�E
EIO 5�S – 15�N and 90� – 140�E
SEA 18�N – 36�N and 60� – 125�E
NA 18�N – 36�N and 5� – 50�E
RWSi SEA - NA

Here, N denotes the total number of years, X(t) represents the anomaly time series, f- indicates133

the standard deviation of this anomaly time series, and F corresponds to the anomaly field map.134

The resulting field retains the original units of F.135

To isolate the independent effects of IOD, we implement a partial regression technique (Kucharski136

et al. (2009), Abid et al. (2021)). This method follows the equation:137
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In this formation, b represents the regression coefficient linking the anomaly index to be removed138

(-A4<) with the anomaly index under consideration (-). The output -A4B constitutes a residual139

time series that is decorrelated from -A4<. In case of hindcast datasets, regressions are performed140
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is the index independent of Nino3.4 (e.g. ‘pure’ ATL3 impact).

Indexes used: 
Nino3.4 : 190E to 240E, 5S to 5N
Nino3    : 210E to 270E, 5S to 5N 
ATL3     : 20W to 0, 5S to 5N
STA       : 30W to 10E, 20S to Eq.  



Contrasting Eastern Pacific and tropical Atlantic influences on rainfall.

Warm anomalies in Eq. Pacific and Atlantic have broadly 
very similar influences on Asian (and African) Monsoon!

There are some interesting regional features, too! From: Kucharski et al. (2007),
J. Climate, 20, 4255-4266



Results from a Maximum Covariance Analysis between observed (Aphrodite) 
Rainfall and tropical Atlantic SSTs (HadISST), leading mode

Figure from Syed and Kucharski
(2016), published in Atmos. Sci. Lett. 17: 183-189

As we can see the result is a dipole structure!
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and large-scale circulation, we performed experiments which 
are integrated for 30 years. Initially, we start the experiment 
by prescribing the seasonal climatology of SST based on 
HadISST (CLIM). Further, to evaluate the response of SST 
anomaly, which could influence the changing characteristics 
of both the monsoon strength and AS cyclone, the observed 
composite anomaly of SASST during positive and negative 
phase for summer monsoon season are superimposed on the 
seasonal climatology, keeping SST identical to the CLIM 
experiment for other months. The subtraction of CLIM 
experiment with the SST anomaly forced experiment then 
provides the response of large-scale atmospheric circulation, 
which is associated to the monsoon and AS cyclone, to the 
SST anomaly.

3  Results and discussions

Before we do a comprehensive analysis, it is important to 
identify large-scale atmospheric circulation patterns which 
could affect both the monsoon strength and frequency of AS 
cyclone. For this purpose, we first analyse the association 
between rainfall over the Indian core monsoon zone and sea 
surface temperature (SST) during JJAS (Fig. 1a). We iden-
tify a prominent negative correlation in the AS, equatorial 
Pacific Ocean, which also encompasses the ENSO region, 
and southern Atlantic Ocean SST (SASST). Provided that 
ENSO exacerbates the strong influence on the surrounding 
regions, we then isolate the ENSO-independent contribu-
tion of SASST on the Indian monsoon (Eq. 1). We notice 
that negative association between SASST (20° S–1° S, 
30° W–10° E) and the Indian monsoon became more evident 
(Fig. 1b). To further investigate this association, we spa-
tially aggregate SASST to form SASST index, with ENSO 

removed, and conduct a grid-wise correlation with monsoon 
rainfall over the Indian mainland. Figure 1c indeed acknowl-
edges the negative relationship over India, with the highest 
signal noticed in Central India and the core monsoon zone.

It is hence evident from this initial analysis that the 
SASST influences the Indian monsoon. This observation 
has been reported by previous studies (Kucharski et al. 
2007, 2009; Pottapinjara et al. 2016; Yadav et al. 2018). 
SASST mode is similar to ENSO with high SST anoma-
lies in eastern equatorial Atlantic and Gulf of Guinea (GG), 
however, with a weaker signal and mostly short-lived (Lüb-
becke et al. 2010, 2018; Burls et al. 2012). Kucharski et al. 
(2009), Pottapinjara et al. (2014) and Sabeerali et al. (2019a) 
showed that SASST effects the Indian monsoon through a 
simple Matsuno-Gill-type response; and this is responsible 
for the formation of monsoon depressions in the BOB. The 
warming of SASST causes fewer monsoon depressions, 
due to reduction in low-level cyclonic vorticity and mid-
tropospheric humidity, which eventually leads to reduced 
monsoon over India. It is also clear from our analysis that 
SASST alters the monsoon strength.

With the use of NCEP reanalysis data, we regress the 
lower (850 hpa) and upper (200 hpa) level wind fields onto 
SASST from 1951 to 2017 (Fig. 2a, b). The result depicts a 
strong easterly (westerly) at 850 (200) hpa level, leading to 
a significant reduction in the wind shear (defined as change 
in wind speed with respect to 200 and 850 hpa pressure 
levels) over the AS and BoB. SASST anomaly plot further 
shows that in recent times (post–1990) they are predomi-
nately characterised by a higher number of positive anomaly 
years (Fig. 2c). From this plot, we extract the information 
pertaining to the positive and negative phases of SASST. 
During the positive phase, we do notice easterlies at 850 hpa 
and westerlies at 200 hpa level, thus leading to the reduction 

Fig. 1  Association between SST and Indian monsoon rainfall during 
1951–2017 during JJAS season. a Grid wise correlation between SST 
and spatially aggregated JJAS rainfall over the core monsoon region 
[18.5°  N–25.5°  N, 74.5°E–84.5°E]. b Same as a, but with ENSO 

influence removed from JJAS SST. c Association between southern 
Atlantic Ocean SST and JJAS rainfall over India. Hatched areas rep-
resent the locations where correlations are different from zero at 10% 
level

Aphrodite (1951-2007)                     CRU (1951-2017)

Hari, V., Pathak, A. & Koppa, A. Dual response of Arabian Sea cyclones and strength of Indian monsoon to Southern Atlantic Ocean. Clim Dyn 56, 
2149–2161 (2021). https://doi.org/10.1007/s00382-020-05577-9

CRU (1951-2023)
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Sliding correlation between Nino3 index and ISMR

ENSO-Monsoon Teleconnection
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In contrast, the precipitation anomaly pattern associated with 
the EAN resembles the ISMR EOF2, characterized by a broadly 
coherent negative anomaly over the Indian subcontinent, except 
for the southeastern TP (Fig. 2C and 2D). Notably, the EAN 
primarily induces prominent westerly anomalies north of 20°N, 
while easterly wind anomalies to the south are weak and 
statistically insignificant (Fig. 2D). These wind changes weaken 
the mean monsoon circulation, leading to dry anomalies over the 
eastern Arabian Sea and much of India. The enhanced rainfall 
over the southern TP is also linked to the westerly anomalies— 
similar to the impact of CAN, but with a higher amplitude due to 
stronger wind changes. 

The Atlantic Niño primarily influences ISMR through the 

tropical (Kucharski et al., 2009) and the extratropical pathways 
(Yadav et al., 2018). To further examine the physical mechan-
isms underlying the teleconnections between CAN/EAN and 
ISMR, we regressed zonal wind anomalies averaged over 0°–20°N 
onto the normalized CANI and EANI to characterize the tropical 
dynamical processes, and regressed 200 hPa GPH anomalies to 
depict the associated extratropical wave patterns (Figs. 3 and 
S11). The results show that both CAN and EAN can trigger a 
Gill–type response (Figs. 3, S12, and S13), featuring anomalous 
easterlies in the tropics, as well as an extratropical Rossby wave 
train characterized by alternating positive and negative GPH 
anomalies. 

However, the patterns and amplitudes of the anomalous 

Fig. 2 The different impacts of CAN and EAN on ISM during 1970–2022. (A) Regression of JJA-mean SSTAs (shading, °C) and 850 hPa wind anomalies (vectors, m s −1) on the 
normalized JJA-mean CANI during 1970–2022 after removing the other tropical climate modes, including D(−1)JF(0) and JJA(0) Niño3.4, MAM(0) TNA and MAM(0) TIO. “−1” 
and “0” denote the preceding year and current year of monsoon year, respectively. The black vectors and shading indicate results that are statistically significant at the 90% 
confidence level. The blue box represents ISM region. (B) Same as (A), except for JJA-mean precipitation (shading, mm d −1). The blue vectors and stippling indicate results that are 
significant at the 90% confidence level. (C) and (D) Separately same as (A) and (B), but for EANI.  

Fig. 3 The tropical and extratropical pathway via which CAN and EAN influence ISM during 1970–2022. (A) Regression of JJA-mean zonal wind anomalies averaged in 0°– 
20°N (shading, m s −1) on the normalized JJA-mean CANI after removing the other tropical climate modes. The stippling indicates results that are significant at the 90% 
confidence level. (B) Same as (A), but for JJA 200 hPa GPH (shading, m) and wind (vectors, m s −1) anomalies. The stippling and blue vectors indicate results that are significant at 
the 90% confidence level. Contours (10, 20, 30 m s −1) represent the 1970–2022 climatological JJA-mean 200 hPa zonal wind, depicting the position and intensity of the 
westerly jet. (C) and (D) Same as (A) and (B) respectively, but for EANI.  

SCIENCE CHINA Earth Sciences 2026                                                                                                                                                                                   5 

Recently different impacts of 2 types of Atlantic Nino on South Asia have been discussed
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doi.org/10.1007/s11430-025-1841-9
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How can the ‘small’ Atlantic Ocean impact variability in the ‘big’ Pacific Ocean?
Probably the Atlantic Ocean can provide some initial persistent forcing that 
is amplified in the Pacific through positive feedback (e.g. Bjerknes feedback 
and others). Some catalytic effect.

Next topic: Tropical Atlantic impact on Pacific; Probably something like 200 
papers on this topic in the period 2008-2026

emerge in relays over the sensitive region and act synergistically
at the turn of summer and autumn. Incorporating the Indian and
Atlantic Oceans raises the explained variances of wind during El
Niño by 10%–20% and reduces the misestimations in super El
Niño cases by 50%. The results imply that models with IOD and
AN and their regulatory loops on ENSO will show better per-
formance in predicting super El Niño.

For modeled super El Niño events, the configuration and
evolution of the three tropical climate modes match observa-
tions well and do not depend on models. On (the multimodel)
average, more than 70% of super El Niño events are early-
onset type and accompanied by IAB, and 60% of early-onset
El Niño events with IAB become super El Niño events finally.
Therefore, generally speaking, the combination of early onset

FIG. 12. A schematic diagram of super El Niño–IAB interactions in (a) summer and
(b) autumn. The overlapped moderate El Niño with weak SST anomaly signals in the Indian
and Atlantic Oceans is shown for comparison. The composites of SST anomalies for super and
moderate El Niños are calculated from all super and moderate events, respectively. Wind and
Walker circulation changes are based on Figs. 3 and 4 and online supplemental Figs. S7 and S8.

FIG. 11. As in Fig. 10, but for autumn (SON).
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Figure 2. Same as Figure 1, except for the ensemble mean of the coupled simulation.
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From Rodriguez-Fonseca et al. (2009) for period 1979 to 2001
‘Pacemaker’ Experiments done with SPEEDY coupled to an Reduced 
Gravity Ocean model for the equatorial thermocline.
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3.1.3. Assessment of Forcing from ATL3 and NTA

Ham et al. [15] showed that the ATL3 and NTA produce different impacts in the Pacific region. In
order to investigate the possibility that ATL3 and NTA produce diverse initial forcings for La Niña
development, we use the experiment ATL_VARAGCM that excludes the coupling in the Indo-Pacific
region. In the following, we use contemporaneous regressions or regressions of SLP and low-level
winds with smaller time lags than in Figures 2 and 5, because in the ATL_VARAGCM there is no
SST feedback that may delay the response in the Indo-Pacific region. Figure 7a shows the JJAS SLP
and low-level wind regression onto the JJAS ATL3 index, whereas Figure 7b shows the FMA SLP
and low-level wind regressions onto the FMA NTA index. Note that the contour intervals and wind
vectors are changed with respect to Figures 2 and 5, in order to better identify the forcing mechanisms
in the Pacific region where SST feedbacks are excluded in the ATL_VARAGCM simulation. Figure 7a
confirms that the ATL3 is modifying the Walker circulation and leading to a low pressure anomaly
in the tropical Atlantic and a high pressure anomaly in the central Pacific, which induces easterly
wind anomalies in the central-western Pacific. Moreover, the Atlantic forcing also generates stronger
westerly wind anomalies in the eastern equatorial Pacific, which would favor a local warming through
the reduction of the evaporation. Eventually, the western Pacific wind anomalies are more efficient in
triggering a La Niña-like response than the eastern Pacific ones in forcing an El Niño-like response once
the model is coupled. [4,9] have indicated that stronger easterly wind anomalies in the central-western
Pacific appear from September-to-December (SOND). The regression of the JJAS ATL3 index onto
the SOND SLP and low-level winds in ATL_VARAGCM, reveals that westerly anomalies in the
eastern equatorial Pacific weaken, whereas the easterly wind anomalies in the central-western Pacific
strengthen (Figure 8), confirming the importance of the anomalous winds in the western side to
trigger the ENSO phenomena forced by the Atlantic. The results from ATL_VARAGCM are also in
agreement with [48], who found that the Atlantic Niño was able to alter the Atlantic-Pacific Walker
circulation from July onwards, when the maximum anomalous divergence produced by the Atlantic
Niño is located in the Caribbean region, over the climatological upward branch of the Atlantic-Pacific
Walker cell.

Figure 7. Regression contemporaneous of ATL_VARAGCM SLP and low-level winds onto (a) ATL3
index (JJAS) and (b) NTA index (FMA). SLP anomalies that are 95% statistically significant are indicated
by contours, and only statistically significant wind vector components are shown. Units are hPa for
SLP and m/s for winds.
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Figure 8. Regression of ATL_VARAGCM SLP and low-level winds (SOND) onto ATL3 index (JJAS).
SLP anomalies that are 95% statistically significant are indicated by contours, and only statistically
significant wind vector components are shown. Units are hPa for SLP and m/s for winds.

The NTA SSTs in FMA induce also easterly wind anomalies in the central-western Pacific but
displaced south of the equator, whereas the stronger westerly wind anomalies in the eastern Pacific are
absent. The easterly surface wind anomalies could be effective in triggering La Niña development a
few month later in the coupled ATL_VAR simulations.

Strong westerly anomalies in the eastern subtropical and tropical North Pacific, as suggested by
the work of [14,15], are not seen in our AGCM simulations. This suggests that the mechanisms posited
by [14,15] may not be at work in our simulations. Further research is needed to clarify this point.

The strong equatorial westerly anomalies in response to ATL3 which are absent in the response to
NTA SST anomalies may explain why in the coupled ATL_VAR simulations the response to the ATL3
is weaker compared to the NTA. These differences in the instantaneous ATL_VARAGCM responses to
ATL3 and NTA depend also on the fact that these indices are defined in different seasons. For example,
the response to ATL3 in JJAS shows substantial anomalies in the Indian Ocean region north of the
equator in correspondence with the boreal monsoon, whereas the response to NTA in FMA is strongest
south of the equator in the Indian Ocean. Such responses could be model dependent, and therefore
further research is needed to investigate such model dependencies.

3.1.4. Multidecadal Variations of the Interannual Atlantic-Pacific Connection

Figure 1 has been derived using data for the whole 20th century and shows a statistically
significant relationship between the tropical Atlantic and Pacific SST anomalies. However, as stated in
the introduction, previous studies have indicated that the Atlantic-Pacific connection is modulated at
multidecadal time-scales, being stronger at the beginning and at the end of the 20th century ([4,10,11]),
coinciding with negative phases of the Atlantic Multidecadal Oscillation (AMO), which suggests
the possible role of the background state in modulating the inter-basin connection. On the other
hand, Losada et al. [50] have shown that the decadal changes in the spatial structure of the Atlantic
Niño (Niña) also play a role in the decadal variations of the Atlantic-Pacific connection, favoring the
inter-basin teleconnection after the 1970s. Here, we provide a brief analysis of the decadal variations
on the inter-annual Atlantic Niño-Pacific connection by making use of the results from [11], who
showed that the correlation between the boreal summer ATL3 index and the summer central-western
equatorial Pacific zonal wind stress exhibits strong decadal variations, with strong relationships in
the beginning and end of the 20th century and a weak relationship in the middle of the 20th century.
Multidecadal variations in the ITCZ Pacific variability were already noticed by previous authors
without considering that the Atlantic could be the forcing (e.g., [51]). Moreover, we have demonstrated
using the experiment ATL_VARAGCM that indeed in the central-western Pacific low-level winds in
boreal summer yield a plausible forcing for initiating the Bjerknes feedback in the Pacific region, and
since low-level winds are closely related to wind-stress, our analysis will be based on this variable.
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Figure 8. Regression of ATL_VARAGCM SLP and low-level winds (SOND) onto ATL3 index (JJAS).
SLP anomalies that are 95% statistically significant are indicated by contours, and only statistically
significant wind vector components are shown. Units are hPa for SLP and m/s for winds.

The NTA SSTs in FMA induce also easterly wind anomalies in the central-western Pacific but
displaced south of the equator, whereas the stronger westerly wind anomalies in the eastern Pacific are
absent. The easterly surface wind anomalies could be effective in triggering La Niña development a
few month later in the coupled ATL_VAR simulations.

Strong westerly anomalies in the eastern subtropical and tropical North Pacific, as suggested by
the work of [14,15], are not seen in our AGCM simulations. This suggests that the mechanisms posited
by [14,15] may not be at work in our simulations. Further research is needed to clarify this point.

The strong equatorial westerly anomalies in response to ATL3 which are absent in the response to
NTA SST anomalies may explain why in the coupled ATL_VAR simulations the response to the ATL3
is weaker compared to the NTA. These differences in the instantaneous ATL_VARAGCM responses to
ATL3 and NTA depend also on the fact that these indices are defined in different seasons. For example,
the response to ATL3 in JJAS shows substantial anomalies in the Indian Ocean region north of the
equator in correspondence with the boreal monsoon, whereas the response to NTA in FMA is strongest
south of the equator in the Indian Ocean. Such responses could be model dependent, and therefore
further research is needed to investigate such model dependencies.

3.1.4. Multidecadal Variations of the Interannual Atlantic-Pacific Connection

Figure 1 has been derived using data for the whole 20th century and shows a statistically
significant relationship between the tropical Atlantic and Pacific SST anomalies. However, as stated in
the introduction, previous studies have indicated that the Atlantic-Pacific connection is modulated at
multidecadal time-scales, being stronger at the beginning and at the end of the 20th century ([4,10,11]),
coinciding with negative phases of the Atlantic Multidecadal Oscillation (AMO), which suggests
the possible role of the background state in modulating the inter-basin connection. On the other
hand, Losada et al. [50] have shown that the decadal changes in the spatial structure of the Atlantic
Niño (Niña) also play a role in the decadal variations of the Atlantic-Pacific connection, favoring the
inter-basin teleconnection after the 1970s. Here, we provide a brief analysis of the decadal variations
on the inter-annual Atlantic Niño-Pacific connection by making use of the results from [11], who
showed that the correlation between the boreal summer ATL3 index and the summer central-western
equatorial Pacific zonal wind stress exhibits strong decadal variations, with strong relationships in
the beginning and end of the 20th century and a weak relationship in the middle of the 20th century.
Multidecadal variations in the ITCZ Pacific variability were already noticed by previous authors
without considering that the Atlantic could be the forcing (e.g., [51]). Moreover, we have demonstrated
using the experiment ATL_VARAGCM that indeed in the central-western Pacific low-level winds in
boreal summer yield a plausible forcing for initiating the Bjerknes feedback in the Pacific region, and
since low-level winds are closely related to wind-stress, our analysis will be based on this variable.
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3.1.2. North Tropical Atlantic-Pacific Teleconnection

In [14,15], the teleconnection of the North Tropical Atlantic (NTA) SSTs to the tropical Pacific has
been analyzed, and it has been found that SST anomalies in the NTA also favor the development of
central Pacific ENSO events. Similar to [14,15], we define an index representative of the North Tropical
Atlantic (60�W to 0�, 0� to 20�N, referred to as NTA index).

The season for the NTA index definition is February-to-April (FMA), as suggested by [14],
according to the peak of the maximum variability of this subtropical region. The previous boreal
winter (December-to-March) Niño3.4 effect is linearly removed from the FMA NTA index. Figures 4–6
show similar regressions to those of Figures 1–3 but using the NTA index instead of the ATL3 index.
The SST, SLP and low-level wind, as well as ocean temperature fields are defined in the DJFM season
following the FMA season [14,15]. The results are rather similar to those of Figures 1–3 and are
indicating a La Niña development, that is consistent with the findings of [14,15]. For ATL_VAR, the
response is stronger compared to the response to the Atlantic Niño, and comparable in magnitude
to the observed response. However, there is no indication of the response to the NTA being more
central Pacific ENSO events compared to the response to the ATL3 as suggested by [14,15], either in
observations or the model results. It is possible that that results depend on the exact period analyzed.
Overall, however, the studies of [14,15] are confirmed in the respect that a warming (cooling) in the
tropical North Atlantic indeed leads to a La Niña (El Niño)-type response in the Pacific region.

The results from the teleconnection with Atl3 and NTA over the tropical Pacific are very similar.
Indeed, a better agreement is observed between model and observations in the NTA forcing. The NTA
SST pattern is most pronounced in boreal spring ([49]), and the FMA season contains the early part of
boreal spring. However, the above results are insensitive to which part of the boreal spring season is
used to define the NTA index. For example, results are very similar if the NTA index is defined in the
May-to-July season (not shown).

In order to separate the mechanisms, in the following, the results from the AGCM pacemaker
experiment ATL_VARAGCM will be used.

Figure 4. Regression of (a) observed and (b) ATL_VAR SSTs (DJFM) onto preceding (FMA) NTA index.
Anomalies that are 95% statistically significant are indicated by contours. Units are K.

Originally proposed by:
Ham, Y.-Y.; Kug, J.-S.;Park, J. Y.; Jin, F.-F. Sea surface temperature in the north tropical AtlanEc as a trigger for El 
Nino/Southern OscillaEon events. Nat. Geosci. 2013, 6, doi:10.1038/NGEO1686. 
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c) Atlantic Multidecadal Variability impact on Indo-Pacific;
here correlations of AMO index with SSTs

as a damping of the WTP SST and counter-acts the other three
components. Moreover, the net longwave radiation is the most
dominant component forcing the SST decadal variation, and to a
less extent the sensible and latent heat fluxes.

The surface heat flux anomalies are closely related to the
variations in atmospheric circulation. In the ATL_VARMIX
simulation, the sea level pressure (SLP) field (Fig. 4e) associated
with the decadal WTP SST exhibits an anomalous low over the
WTP region. The anomalous low corresponds to the low-level
convergence anomaly and can result in anomalous ascending
motion over the WTP. The ascending motion in tropical region
often leads to the formation of clouds, especially of convective
high-level clouds. As expected, in association with the decadal
warm SST anomaly, the cloud amount over the WTP region
increases remarkably, and this is largely due to the increase of
convective high-level clouds (Fig. 4f). The increase of cloud cover
has completely opposite effects on the longwave and shortwave
radiation. Increased convection and cloudiness can trap more
longwave radiation and lead to less longwave heat loss from the
surface, warming up the surface, but it reduces the surface
shortwave radiation due to cloud reflection, which tends to damp
the SST anomaly. This is consistent with the simulated anomalies
of net surface longwave radiation (SLR) and shortwave radiation
associated with the decadal WTP SST. Moreover, these results
indicate a SST–SLP–cloud–longwave radiation positive feedback
over the WTP region; that is the warm SST anomaly can give
rise to the anomalous low and leads to the increased cloud
cover, which reduces the longwave heat loss from the surface,
reinforcing the warm SST anomaly. The positive feedback
between SLR and SST has also been revealed in both observa-
tional39,40 and modelling41,42 studies, and particularly, it has been
applied to explain the Atlantic warm pool and its variability40.
Thus, our analysis provides further modelling evidence that
the positive feedback plays a key role in amplifying the WTP

SST decadal variations. In addition, the anomalous low over
the WTP corresponds to a cyclonic circulation anomaly
which weakens the climatological northeasterly trade winds
over the region (Supplementary Fig. 4b), and thus leads to
the anomalous turbulent surface heat fluxes from the atmosphere
to the ocean.

Besides the cloud feedback, we also investigated the effect of
water vapour (WV) feedback on the WTP multidecadal
variability using the ATL_VARMIX simulations. At decadal
timescales, both cloud cover and column-integrated WV are
highly and positively correlated with the net SLR over the WTP
region (0.97 and 0.91 for cloud cover and WV, respectively,
Supplementary Fig. 5a). To extract the respective influence of
cloud cover and WV, we further performed the partial correlation
analysis. The partial correlation between the decadal SLR and
WV is considerably reduced and becomes insignificant (r¼ 0.35)
with the influence of cloud cover excluded, whereas that between
the decadal SLR and cloud cover remains strong and significant
(r¼ 0.89) after removing the contribution from the WV. Thus,
over the WTP region, the decadal variability of SLR is more
closely related to the cloud cover than to the WV, and the cloud
feedback to the SLR is independent of the WV feedback.
Moreover, we established an empirical linear model for the
decadal SLR based on the cloud cover and column-integrated WV
(Supplementary Fig. 5), and the decadal SLR fitted using the
linear model closely follows the simulated SLR (r¼ 0.98).
The respective contribution from cloud feedback and WV
feedback to the decadal SLR anomalies over the WTP region
can be further estimated by using the linear model. In association
with the WTP SST multidecadal variability, the contribution from
WV feedback to the SLR anomalies is about 0.06 W m–2

(Supplementary Fig. 5d), much smaller than that from the cloud
feedback (0.31 W m–2, Supplementary Fig. 5e). Therefore, in the
ATL_VARMIX simulation, the anomalous SLR associated with

a b

c d

ERSST

60 N

30 N

0

60 N

30 N

0

60 N

30 N

0

60 N

30 N

0

120 E 150 E 180

–0.8 –0.6 –0.4 –0.2 0 0.2 0.4 0.6 0.8

–0.8 –0.6 –0.4 –0.2 0 0.2 0.4 0.6 0.8 –0.8 –0.6 –0.4 –0.2 0 0.2 0.4 0.6 0.8

–0.8 –0.6 –0.4 –0.2 0 0.2 0.4 0.6 0.8

150 W120 W 90 W 60 W 30 W 0

120 E 150 E 180 150 W120 W 90 W 60 W 30 W 0 120 E 150 E 180 150 W120 W 90 W 60 W 30 W 0

120 E 150 E 180 150 W120 W 90 W 60 W 30 W 0

HadSST3

Kaplan ATL_VARMIX 

Figure 3 | Teleconnection between the Atlantic multidecadal oscillation and western tropical Pacific decadal variability. (a) Correlation map between
the western tropical Pacific SST index and global SST north of 20! S over decadal timescales for the period 1900–2013 in the ERSST data set. The black box
indicates the region used to define the western tropical Pacific SST index (0!–25! N, 130!–170! E). (b–d) As in a, but based on the data from the HadSST3
data, Kaplan SST data and ATL_VARMIX simulations. In a–d, the long-term linear trends in SSTdata were removed prior to the correlation analysis, and dots
indicate the correlations significant at the 95% confidence level.
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variability is about 0.1 K, very close to the observations (0.1, 0.1
and 0.12 K for Kaplan, ERSST and HadSST3, respectively). The
simulated WTP SST decadal fluctuations are in-phase with the
observed WTP SST (Fig. 1), and as expected, the correlation
between AMO and simulated WTP SST over decadal time scales
is high (0.91 and 0.89 with and without inclusion of the linear
trend, respectively, significant at the 95% confidence level),
comparable to the observation. The correlation for the unfiltered
AMO and WTP SST in the simulation is slightly lower than in the
observation (0.56 and 0.43 with and without inclusion of the
linear trend, respectively, significant at the 95% confidence level).
Although there exist very small differences between the AMO
indices in the ATL_VARMIX experiment and the observation
(because they are derived from different SST data sets: HadISST1
for the ATL_VARMIX experiment), the decadal fluctuations in
both AMO indices are similar. Therefore, in both simulations and
observations, the WTP SST decadal variability can be largely
explained by the AMO. Meanwhile, in the simulation, high and
significant positive correlations extend across almost the entire
North Atlantic in the correlation map of the SST field with
decadal WTP SST index (Fig. 3d), consistent with the observation
(Fig. 3a–c). The only difference is that the eastern Pacific SSTs
show significant negative correlations with the decadal WTP SST,
while in the observation weak negative correlations are observed
only in the eastern equatorial Pacific.

Thermodynamic processes. The mechanisms responsible for the
WTP decadal variability are further investigated using the
ATL_VARMIX simulation, and a surface heat budget analysis
is performed by regressions of four heat flux components
(see Methods; Fig. 4a–d) and the net heat flux (Supplementary
Fig. 4) onto the decadal WTP SST index. Positive (negative)
net surface heat flux anomaly over the WTP is associated with the
SST warm (cold) phase, and this is consistent with that in
the SOM the SST variation is driven by the net heat flux into the
ocean. The spatial patterns of net longwave radiation and sensible
and latent heat fluxes are consistent with the decadal WTP SST,
showing positive anomalies over the WTP region, while the
shortwave radiation shows negative anomalies, opposite to
the WTP SST. Lagged regressions of the flux components on the

decadal WTP SST (Supplementary Fig. 4) further indicate that
net longwave radiation and sensible and latent heat fluxes are
responsible for the positive net heat flux anomaly into the ocean,
which warms up the WTP SST, while the shortwave radiation acts
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Figure 2 | Power spectral analysis of the western tropical Pacific SST
index. (a–d) Power spectra of the western tropical Pacific SST index
(1900–2013) from both observations (Kaplan, HadSST3 and ERSST data sets)
and the ATL_VARMIX simulations. The long-term trends in western tropical
Pacific SST index are removed before spectral analysis. The solid and dashed
black lines in a–d indicate the corresponding red noise spectra (solid black
line) and 95% confidence levels for power spectra (dashed black line).
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Figure 1 | The Atlantic–western tropical Pacific SST connection in the observations and ATL_VARMIX simulations. (a) Time series of the western tropical
Pacific SSTand Atlantic multidecadal oscillation indices for the period 1900–2013 (thin lines) and 11-year running averages (thick lines), normalized by the long-term
s.d. (b) As in a, but for the time series after removing the long-term linear trend. (c,d) As in a and b but based on the data from the ATL_VARMIX simulations.
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pattern due to the SST–SLP–cloud–longwave radiation positive
feedback.

Discussion
The WTP (0!–25! N, 130!–170! E), a part of the western Pacific
warm pool, is a major heat and moisture source for the general
atmospheric circulation due to the high SST. Observational
analysis suggests that the WTP SST shows predominant
variability over multidecadal time scales, which is largely
explained by the remote AMO. The mechanisms are investigated
using a suite of Atlantic Pacemaker experiments, which
successfully reproduces the WTP SST multidecadal variability
and the AMO–WTP SST connection. The SNP SST anomalies
are identified as a key bridge linking the AMO and WTP SST
multidecadal fluctuations. The AMO SST anomalies induce
an atmospheric teleconnection from North Atlantic into North
Pacific, influencing the SNP SST through the wind–evaporation–
SST effect. The AMO-induced SNP SST anomalies provide a
feedback to the Pacific atmospheric circulation, which eventually
generates SST anomalies over the WTP region via a SST–sea level
pressure–cloud–longwave radiation feedback.

Our present analysis shows that the connection between AMO
and WTP SST is most pronounced for the multidecadal time
scales. A positive correlation is also observed for the unfiltered
SST indices in both observations and the ATL_VARMIX
simulation, indicating that a potential linkage exists over the
interannual time scales and the mechanisms proposed may also
be at work. In fact, some previous studies have also suggested that
the tropical Atlantic interannual variability, which is highly
correlated with the North Atlantic SSTs48, is related to the ENSO
phenomena and the WTP SST anomaly35,49. Nevertheless, the
interannual connection revealed in this study is less pronounced
than the decadal one, particularly in the simulations. A possible
explanation is that over the interannual time scales, the WTP SST
may also be affected by other variability or noise (for instance,
the local stochastic atmospheric forcing and associated surface
turbulent fluxes), which reduces the variance explained by the
remote influence of AMO. When a decadal low-pass filtering is
applied, the interannual forcings are filtered out and the influence
of AMO becomes predominant. In addition, a limitation of
our study is that the model we used is an AGCM coupled to a
mixed-layer ocean model, rather than to a dynamical ocean

model, which considers the role of ocean circulation. We
performed a preliminary analysis using the preindustrial control
simulations from the CMIP5 fully coupled models, and 2 out of
the 18 analysed models (providing a simulation of at least
500 years in length) reproduce the mechanisms suggested in this
study. The WTP SST decadal variability and its magnitude are
reasonably well reproduced in the mixed-layer ocean model,
indicating that the thermodynamics may play the essential role.
Despite of this, further modelling studies are required to confirm
the relative roles of dynamical and thermodynamic processes in
the WTP SST decadal variability.

Methods
Data. The global observational SST data sets used in this study include the Kaplan
SST data set50, the Hadley Centre SST data set (HadSST3)51 and the extended
reconstruction SST version 3 (ERSST v3b) data set52. Long-term ship-observed
SLP and marine cloud cover were used from the International Comprehensive
Ocean–Atmosphere Data Set (ICOADS) release 2.5 (ref. 53), which have been
trimmed using a quality control that identifies potential outliers based on the
climatological 3.5 s.d. limits. The ICOADS data set is available at the Research Data
Archive at the National Center for Atmospheric Research. The SLP field derived
from the Hadley SLP data set (HadSLP2)54 was also employed to test the reliability
of the results. The net SLR data were obtained from the NOC Version 2.0 surface
flux data set55 and the Hamburg Ocean Atmosphere Parameters and fluxes from
Satellites (HOAPS 3.2) data set56. The NOC data set is based on the ship
observations from the ICOADS data set and available for the period 1973–2006.
The HOAPS data set is fully derived from satellite measurements starting from
1988 and data over the period 1988–2006 are used here. The net SLR is defined to
be positive downward in this study.

Because uncertainties in surface observations prior to 1900 are relatively large
and the data before 1900 are deemed less reliable57, we confine our analysis to the
post-1900 period for the data sets. We remove the long-term linear trend in the
variables for the post-1900 period using the least squares method, and our intent is
to remove the centennial scale trends to better isolate and highlight the signal of
decadal to multidecadal variability.

The AMO index is defined as the area-weighted average of SST anomalies over
the North Atlantic region (0!–60! N, 80! W–0!) with respect to the 1961–1990
climatology, and an index to describe the WTP SST variability is defined in a
similar manner but over the WTP region (0!–25! N, 130!–170! E).

Statistical significance test. The statistical significance of the linear regression
coefficient and correlation between two autocorrelated time series is accessed via a
two-tailed Student’s t-test using the effective number of degrees of freedom Neff,
which is given by the following approximation:
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Figure 7 | Schematic diagram for the teleconnection between Atlantic multidecadal oscillation and western tropical Pacific decadal variability. (a) The
direct effect of Atlantic multidecadal oscillation (AMO) forcing on North Pacific. The AMO warm SST anomaly (the orange patch over North Atlantic)
generates anomalous ascent and upper-level divergence over North Atlantic. The associated upper-level outflows converge towards North Pacific, leading
to compensating subsidence along with an anomalous high there, which weakens the Aleutian low and decreases the wind speed of subtropical North
Pacific (SNP) westerlies. The wind changes induce a SNP SST warming (the orange patch over subtropical North Pacific) through wind–evaporation–SST
effect. (b) The combined effects of AMO and SNP SST warming feedback. In response to the SNP SST warming, the surface winds converge towards the
SNP SST warming centre from the tropics, leading to an anomalous cyclonic circulation and low pressure over the western tropical Pacific region. The
teleconnection further develops into to a SST warming pattern (the orange patch over western tropical Pacific) due to the SST–sea level pressure–cloud–
longwave radiation positive feedback (shown as ‘SST–longwave radiation feedback’ in the figure).
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stronger and eastward shifted easterly wind response (Figure 14b) compared to the ATL_VARAGCM
experiment (Figure 13). Therefore, our analysis confirms the results of [32], indeed indicating that
purely thermodynamic processes can enhance the easterly surface winds that are the trigger for the
following La Niña-type development.

Figure 13. Regression of ATL_VARAGCM SLP and low-level winds onto the AMO index. SLP
anomalies that are 95% statistically significant are indicated by contours, and only statistically
significant wind vector components are shown. Units are hPa for SLP and m/s for winds.

Figure 14. Response of ATL_VARMXL on (a) SST and (b) SLP and low-level winds to AMO forcing. SST
and SLP anomalies that are 95% statistically significant are indicated by contours, and only statistically
significant wind vector components are shown. Units are K for SST, hPa for SLP and m/s for winds.

SPEEDY Atlantic
Pacemaker experiment;
climatological SST elsewhere
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Studies have confirmed this result in the meantime, even if the AMO signal 
could be partially forced by Aerosol forcing.

Multidecadal Variations in the Tropical Western Pacific
Driven by Externally‐Forced AMV‐Like Changes
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Abstract Multidecadal sea surface temperature (SST) variations in the tropical western Pacific (TWP) have
been attributed to nonlinear external forcing and remote influences from the Atlantic Multidecadal Variability
(AMV). However, the AMV resulted from both internal variability (IV) and external forcing. Thus, the origins
of the TWP SST variations are not well understood. By analyzing observations and model simulations, we show
that more than half of the decadal to multidecadal SST variations in TWP during 1920–2020 resulted from
external forcing with the forced component correlated with AMV, while the internal component is unrelated to
AMV. Furthermore, about 43%–49% of the forced AMV‐like SST variations in TWP result from remote
influences of the forced AMV in the Atlantic via atmospheric teleconnection over the North Pacific, with the
rest from other remote or local processes.

Plain Language Summary Sea surface temperature (SST) variations in the North Atlantic Ocean
and Pacific Ocean are linked on multidecadal time scales. Previous studies have indicated that the Atlantic
multidecadal SST variations (referred to as Atlantic multidecadal variability, AMV) not only influence the
decadal SST variations in the tropical central‐eastern Pacific (referred to as Interdecadal Pacific Oscillation), but
also modulate the multidecadal SST variations in the tropical western Pacific (TWP). Since the TWP SST
variations can result from both local external forcing and remote influences from AMV, the exact origins of
TWP's multidecadal variability remains unclear. Here we analyze observations and model experiments to show
that ⇠56% of the decadal to multidecadal SST variations in TWP during 1920–2020 resulted from nonlinear
external forcing, with the rest from internal variability (IV), and the forced SST variations in TWP are correlated
with AMV while the IV‐induced variations are unrelated to AMV. Both the local external forcing and remote
influences from the forced AMV in the Atlantic contribute to the forced multidecadal SST variations in TWP.

1. Introduction
The Atlantic Multidecadal Variability (AMV) and Interdecadal Pacific Oscillation (IPO) are the leading mode of
SST multidecadal variations in their respective basins, but the Atlantic and Pacific multidecadal variability are
likely linked (Cai et al., 2019; d’Orgeville & Peltier, 2007; Latif, 2001; Nigam et al., 2020). Whether and how the
Atlantic Ocean drives the Pacific variability or vice versa is an active research area (Gong et al., 2020; Hong
et al., 2022; Wang, 2019). Many studies showed that Atlantic SST variations (mostly AMV) could drive IPO‐like
variability in the Pacific through atmospheric Walker circulation, with a warm tropical Atlantic often leading to a
cold central‐eastern tropical Pacific (Kucharski et al., 2016; Li et al., 2016; McGregor et al., 2014; Zhang &
Delworth, 2007). Conversely, a warm‐phase IPO can also drive a warm‐phase AMV through atmospheric tel-
econnections (e.g., Pacific–North American pattern) (Meehl et al., 2016, 2021). Two‐way interactions between
the Atlantic and Pacific can arise through internal variability (IV) without external forcing, for example, changes
in greenhouse gases or aerosols (Hua et al., 2022).

Recently, Sun et al. (2017) found a link between the AMV and the multidecadal variability in the tropical western
Pacific (TWP) since 1900, highlighting the role of dynamically‐induced inter‐basin atmospheric teleconnection
between Atlantic and TWP multidecadal SST variations. However, the AMV since 1870 resulted from both IV
and external forcing (Hua et al., 2019; Otterå et al., 2010; Qin et al., 2020a, 2022; Ting et al., 2009). Furthermore,
aerosol forcing can generate AMV‐like SST variations across global ocean basins (including the TWP) since
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simulations (solid green line in Figure 3a) and their correlation is strong (r à 0.96), confirming that the AMV
drives the decadal variations in TWP. In addition to the impact from the total AMV, how AMVIV affects TWP
SST also deserves investigation. We use the SST difference between the CESM1 Atlantic pacemaker and its all‐
forcing ensemble simulations to examine the AMVIV‐related variations (Figures 3c and 3d).

Consistent with previous studies (Hua et al., 2022; Meehl et al., 2021; Ruprich‐Robert et al., 2017), warm AMVIV
leads to a cold IPO‐like SST pattern in the Pacific and a warm anomaly around TWP (Figure 3d). Figure 3c
compares the IV‐induced TWP SST variations in observations (dashed green line) and AMVIV‐induced TWP
response in the model simulations (solid green line), which show a moderate correlation of 0.53. Thus, although
the AMVIV can contribute to decadal TWP SST variations (Figures 2e and 3d), other processes or inter‐basin
interactions may also play a role in the internal TWP SST variations (Figures 2b, Cai et al., 2019). For the
AMVEX‐induced SST variations (Figures 3e and 3f), we found that there exists a strong linkage between the
AMVEX and TWP SST. That is, the dominant AMV‐like variations in TWP SST are forced and strongly linked to
AMVEX (Figures 1b and 3e), while the IV‐induced variations in TWP SST contribute less to the total SST
variations in TWP (Figure 3c).

3.3. Causes of Decadal SST Variability in TWP
How does AMVEX remotely influence TWP SST? It may be possible that the decadal SST variations in TWP can
be linked with the North Atlantic SST through atmospheric teleconnections (Yang, An, et al., 2020; Yang,
Arblaster, et al., 2020; Yao et al., 2021). In the North Pacific, the atmospheric circulation shows consistent re-
sponses to the AMVEX from the lower to middle troposphere, with anomalous high pressure (Figures 4a–4c)
accompanied by pronounced SST warming (Figure 3f, for a warm phase of AMVEX). The warming SSTs and

Figure 2. (a–c) Maps of correlation coefficients between (a) TWP*, (b) TWPIV, and (c) TWP*EX indices shown in Figure 1
and local low‐pass filtered and linearly detrended sea surface temperature anomalies from observations during 1920–2020.
Panels (d–f) same as panels (a–c), but for the correlations with the Atlantic multidecadal variability, AMVIV, and AMVEX
shown in Figure 1, respectively. The stippling indicates statistically significant regressions at the 0.05 level. The outlined
boxes represent the tropical western Pacific.
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ENSO and Indian Ocean impacts on Northwest South Asia winter precipication      

ENSO

IOD in 
Autumn/
early winter

Recent research interest with involvements of Adnan, Adrian,
Nazimur, Marco and Alessandro: Indian Ocean mediation of ENSO impacts or pure IOD
fD too simple, interactions of divergent wind with South Asian jet very important here to generate RWS!

December response

Figure 1: (a) Regression map of December re-analysis (ERA5) 200hPa geopotential height anomalies (m) onto the corresponding IODres

SST anomalies index (east box: 10�S � 0� and 90� � 110�E; west box: 10�S � 10�N and 50� � 70�E) fixed in October for the period
1981-2019. (b) As in (a) for the average over the 25 ensemble members of the ECMWF re-forecast dataset (SEAS5). (c) Regression
map of December re-analysis (ERA5) 200hPa geopotential height anomalies (m) onto the corresponding total IOD SST anomalies
index fixed in October for the period 1981-2019. (d) As in (c) for the average over the 25 ensemble members of the ECMWF re-forecast
dataset (SEAS5). Boxes over the North Atlantic denote the NAO index defined as the difference between the regions highlighting the
Azores (26� � 40�N and 310� � 360�E) and Iceland (50� � 80�N and 310� � 350�E). Stippling denotes statistical significance at the
95% confidence level.

2

South Asian Jet

(
0 ⇡ �v0

� ·rZ � Zr ·v0
� (6)

Here, v0
 is the perturbed irrotational flow, Z is the climatological absolute vorticity. The first161

term in Eq.(6) is the advection of absolute vorticity by the irrotational wind, and the second is the162

vortex stretching term. Since we are interested in the upper-level convective outflow generated by163

IOD induced precipitation and the advection of climatological absolute vorticity by that outflow,164

we disregard the vortex stretching term which is not necessarily a direct response to tropical165

convective heating and can be caused by secondary sources (Sardeshmukh and Hoskins (1988),166

Qin and Robinson (1993), McIntosh and Hendon (2018), Williams et al. (2023), Sabatani and167

Gualdi (2025), Mezzina et al. (2026)).168

d. Wave Activity Flux169

To diagnose the propagation characteristics and intensity of Rossby waves, we utilize the 2D170

wave activity flux (WAF) following the formulation of Takaya and Nakamura (2001):171
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(7)

where p is the pressure normalized by 1000hPa, f is the Coriolis parameter, a is Earth’s radius,172

N is the Brunt–Väisälä frequency (#), q is the latitude, _ is the longitude, * and + represent the173

basic states derived from the monthly mean climatology, k0 is the perturbation stream function.174

In our work, k0 is calculated from the 200hPa geopotential height regressed onto the indices of175

interest.176

The WAF provides a quantitative measure of stationary Rossby wave energy propagation through177

the atmosphere, with the flux vectors oriented parallel to the local group velocity of the wave178

packets. This means the vectors indicate both the direction and relative speed at which wave179

energy propagates horizontally.180
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